i g AMERICAN

o s METEOROLOGICAL
Brgiits_ 5 SOCIETY

Journal of Climate

EARLY ONLINE RELEASE

This is a preliminary PDF of the author-produced
manuscript that has been peer-reviewed and
accepted for publication. Since it is being posted

SO soon after acceptance, it has not yet been
copyedited, formatted, or processed by AMS
Publications. This preliminary version of the
manuscript may be downloaded, distributed, and
cited, but please be aware that there will be visual
differences and possibly some content differences
between this version and the final published version.

The DOI for this manuscript is doi: 10.1175/JCLI-D-15-0511.1

The final published version of this manuscript will replace the
preliminary version at the above DOI once it is available.

If you would like to cite this EOR in a separate work, please use the following full
citation:

Révelard, A., C. Frankignoul, N. Sennéchael, Y. Kwon, and B. Qiu, 2015:
Influence of the decadal variability of the Kuroshio Extension on the atmospheric
circulation in the cold season. J. Climate. doi:10.1175/JCLI-D-15-0511.1, in
press.

© 2015 American Meteorological Society



Manuscript (non-LaTeX)
Click here to download Manuscript (non-LaTeX): Revelardetal_toresubmit.docx

O 0 I (@) (€2 B O I R

Influence of the decadal variability of the Kuroshio
Extension on the atmospheric circulation in-the
cold season

Adele Révelard', Claude Frankignoul and Nathalie Senfiéchaet

Sorbonne Universités (UPMC, Univ. Paris 06) CNRS/IRD/MNHN,'LOCEAN/IPSL, Paris,
France

Young-Oh Kwon
Woods Hole Oceanographic Institution, Wigeds Hble, Massachusetts
Bo Qiw

Department of Oceanography, University 0f\Hawaii at Manoa, Honolulu, HI, USA

Submittedto Journal of climate

July 18,2015

! Corresponding author address: Adéle Révelard, LOCEAN/IPSL, Université Pierre et Marie Curie, 4 Place
Jussieu, 75252 Paris Cedex 05, France
E-mail: arlod@locean-ipsl.upmc.fr



42
43

44

45

46

47

48

49

50

51

52

53

54

55

56

57

58

59

60

61

62

63

64

65

66

67

Abstract

The atmospheric response to the Kuroshio Extension (KE) variability during 1979-
2012 is investigated using a KE index derived from sea surface height measurements and an
eddy-resolving ocean general circulation model hindcast. When the index is positive, the KE
is in the stable state, strengthened and shifted northward, with lower eddy kinetic energy, and
the Kuroshio Oyashio Extension (KOE) region is anomalously warm. The reverse holds when
the index is negative. Regression analysis shows that there is a coherent atmospheric response
to the decadal KE fluctuations between October and January. The KOE warming generates
an upward surface heat flux that leads to local ascending motions and a northeastward shift of
the zones of maximum baroclinicity, eddy heat and moisture fluxes, and the storm track. The
atmospheric response consists of an equivalent barotropic large-scale signal, with a
downstream high and a low over the Arctic. The heating and transient eddy anomalies excite
stationary Rossby waves that propagate the signal poleward and eastward. There is a warming
typically exceeding 0.6 K at 900 hPa over eastern Asia and western United States, which
reduces the snow cover by 4 to 6%. One month later, in November-December-January-
February, a high appears over northwestern Europe, and the hemispheric teleconnection bears
some similarity with the Arctic Oscillation. Composite analysis shows that the atmospheric
response primarily occurs during the stable state of the KE, while no evidence of a significant
large-scale atmospheric response is found in the unstable state. Arguments are given to

explain this strong asymmetry.
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1. Introduction

The Kuroshio Extension (KE) is an eastward flowing inertial jet extending the western
boundary current of the North Pacific subtropical gyre after it separates from the Japan coast.
It is accompanied by large-amplitude meanders and energetic pinch-off eddies (e.g., Qiu and
Chen 2005; Kelly et al. 2010). Its path is well defined by the maximum meridional gradient of
the sea surface height (SSH), which is located near 35°N. This is south of the North Pacific
subarctic frontal zone (SAFZ) associated with the Oyashio Extension (OE), an extension of
the western subarctic gyre, which is defined by the maximum meridional sea surface
temperature (SST) gradient and found somewhat north of 40°N. The two currents have a
different vertical temperature structure as the KE front is strongest between 200 and 600 m
but has a modest SST gradient, while the OE is shallow and has a strong SST gradient
(Nonaka et al. 2006).

The KE system exhibits large decadal fluctuations between relatively stable and
unstable states (Qiu and Chen 2005, 2010; Taguchi et al. 2007; Qiu et al. 2014). When in the
stable state, the KE jet is strengthened, its path is shifted northward, the regional eddy kinetic
energy is lower, and the southern recirculation gyre intensified. The reverse holds in the
unstable state. Previous studies have shown that the KE responds to basin-scale wind forcing
over the central North Pacific with a delay of 3 to 4 years linked to baroclinic Rossby wave
propagation (e.g. Seager et al. 2001; Schneider et al. 2002), and that frontal-scale inertial
fluctuations initiated by the arrival of the Rossby waves narrow the KE jet (Taguchi et al.
2007; Sasaki et al. 2013). Qiu (2003) suggested that the SSH in the KE region is mainly
driven by fluctuations in the strength and location of the Aleutian low, while Ceballos et al.
(2009) argued that the main driver of the KE strength change was the North Pacific
Oscillation, although the two modes are not well separated in the satellite altimetry era (Qiu

and Chen 2010), nor in the period considered in the present paper. On the other hand, the
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transport and meridional position of the OE respond rapidly to the wind stress changes
associated with the Aleutian low via barotropic Rossby wave propagation and Ekman currents,
while being also remotely forced near 160°-170°E about 3 years before (e.g., Qiu 2002;
Nonaka et al. 2008). Hence, the decadal variability of the KE and the OE is not necessarily
coherent (Nonaka et al. 2006). Frankignoul et al. (2011b, hereafter FSKA) indeed found
negligible correlation between their KE and OE indices.

The Kuroshio-Oyashio Extension (KOE) region is an area of maximum heat release
from the ocean to the atmosphere and strong interannual SST variability, especially on its
northern side along the OE (Kelly et al. 2010; Kwon et al. 2010). Vivier et al. (2002) showed
that interannual changes in the upper ocean heat content of the KE are dominated by
geostrophic advection, with a clear signature in SST. Sugimoto and Hanawa (2011) showed
that SST changes are primarily responsible for turbulent heat flux variations. Because of the
strong ocean-to-atmosphere fluxes of heat and moisture, the KOE is a region of large
cyclogenesis, as major storm tracks are organized along or just downstream of the main
oceanic frontal zones (Hoskins and Hodges 2002; Bengtsson et al. 2006). Nakamura et al.
(2004) and Taguchi et al. (2009) have argued that differential heat supply across the North
Pacific SAFZ acts to maintain surface baroclinicity, sustaining storm development and the
anchoring effect of the SST frontal zones, and they suggested that their variations may affect
storm track activity and the westerly jets.

Observational evidence that North Pacific SST anomalies influence the large-scale
atmospheric circulation has been found in several studies, based on its relation with preceding
SST fluctuations (Liu et al. 2006; Frankignoul and Sennéchael 2007; Wen et al. 2010;
Taguchi et al. 2012; Gan and Wu 2013). Modeling studies have also documented the ocean-
to-atmosphere feedback in the KOE region (Peng and Whitaker 1999; Kushnir et al. 2002;

Liu and Wu 2004; Gan and Wu 2012; Smirnov et al. 2015). These experiments suggest that
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the atmospheric response is primarily governed by nonlinear transient eddy feedbacks, which
act both to amplify the downstream response and make it equivalent barotropic. It is sensitive
to the mean background flow, and consequently to the season considered. Smirnov et al.
(2015) focused on the local atmospheric response to an Oyashio frontal shift by prescribing in
a high-resolution AGCM the corresponding SST anomaly. The others used a basin-wide SST
pattern centered in the KOE region, and the possible links with the variability of the western
boundary current extensions were not investigated. However, Joyce et al. (2009) found that
the year-to-year shifts in the KE path were followed by significant changes in the near-surface
synoptic activity, and FSKA suggested that the meridional shifts of the KE during 1980-2006
had a significant impact on the large-scale atmospheric circulation, as a northward shift of the
KE was primarily followed by high pressure anomalies centered in the northwestern North
Pacific and hemispheric teleconnections. Kwon and Joyce (2013) showed that in this case the
northward heat transport by the synoptic atmospheric eddies was decreased. In these studies,
the meridional shifts of the KE were derived from temperature data at 200-m depth, with very
limited spatial and temporal resolution. They were only moderately correlated (r=0.52) with
the meridional shifts more accurately derived from satellite altimetry, probably because of the
strong spatial smoothing and the relatively shallow level used to define the KE path. In
addition, the temporal resolution was too coarse to investigate seasonal dependency in the air-
sea coupling. More recently, O’Reilly and Czaja (2014) produced a more accurate KE index
derived from a maximum covariance analysis between SST and SSH gradient observations,
but SST observations with high spatial resolution were only available since June 2002, so that
a longer KE index (1992-2011) was obtained by projecting the 2002-2011 SSH spatial pattern
onto the full SSH record.

It is thus of interest to use data with higher temporal resolution that describe the KE

variability over a longer duration, so that its influence on the atmosphere and its seasonal
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dependency can be better assessed. In the present paper, we use the SSH-based KE index that
was derived by Qiu et al. (2014) by combining satellite SSH measurements and an eddy-
resolving ocean general circulation model (OGCM) hindcast, providing an accurate
description of the KE state at monthly resolution during the 1955-2012 period. Qiu et al.
(2014) showed that the KE fluctuations changed character around the 1976-77 regime shift in
the North Pacific climate system (Trenberth and Hurrell 1994). Here we focus on the 1979-
2012 period, which is characterized by large decadal fluctuations of the KE and is covered by
the ERA-Interim reanalysis (Dee et al. 2011). The data and method are described in section 2
and 3. In section 4, we show that the KE precedes a large-scale atmospheric signal in the cold
season, and we discuss the possible mechanisms by which the KE changes affect the large-
scale atmospheric circulation. In Section 5, the response asymmetry is analyzed. The results

are summarized and discussed in Section 6.

2. Data

To represent the variability of the KE, we use the index of Qiu et al. (2014), which is
defined by the SSH anomaly averaged in the region (31°-36°N, 140°-165°E) (Fig. 1, cyan
curve). A positive KE index denotes a stable state in which the KE jet has a steady and
northerly path, an increased surface transport, an enhanced southern recirculation gyre, and a
decreased regional eddy kinetic energy. A negative KE index reflects the reversed properties.
From October 1992 to December 2012, the KE index is based on satellite altimeter
observations. To extend the time series prior to the satellite altimeter period, Qiu et al. (2014)
used a hindcast simulation of the eddy-resolving Ocean general circulation model For the
Earth Simulator (OFES) as it captures the KE decadal variability realistically (Nonaka et al.
2006; Taguchi et al. 2007; Qiu et al. 2014). The model output extends from 1950 to 2012, but

the KE index inferred from OFES exhibits shorter and less regular fluctuations prior to the
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1976-77 North Pacific climate shift (Qiu et al. 2014). Here, we focus on the 1979-2012
period, which corresponds to the availability of the latest reanalysis of the European Centre
for Medium-Range Weather Forecasts (ECMWF) ERA-Interim (Dee et al. 2011). The mean
seasonal cycle of the KE index was subtracted by regression onto the first two annual
harmonics, which accounted for 2.4% of the total variance.

Monthly anomalies of sea level pressure (SLP), geopotential height, horizontal wind
velocity, wind stress, temperature and humidity were taken from ERA-Interim at 1.5°
resolution, while a 3%4° resolution was used for SST, turbulent and radiative heat fluxes, and
vertical wind. Masunaga et al. (2015) have shown that the improvement of the resolution of
the prescribed SST in ERA-Interim (from 1° to '4°) starting in January 2002 exerts substantial
impacts on the representation of the marine atmospheric boundary layer, cloudiness, and
precipitation. Hence, our analysis of the local influence of the KE variability should be
viewed with caution. Nonetheless, our results were verified using the NCEP-NCAR
reanalysis (Kalnay et al. 1996) that has a lower resolution (T63). This suggests that data
assimilation is sufficient to strongly constrain the large-scale atmospheric flow, and that the
improvement of the SST resolution in 2002 does not significantly influence our estimation of
the large-scale response to the KE fluctuations. Transient eddy activity and fluxes were
estimated from high-pass daily values, using the Blackmon filter to retain fluctuations with
periods between 2 and 8 days (Blackmon and Lau 1980; Hurrell and Deser 2009). In addition,
the latent and sensible heat fluxes were taken from the 1° OAFlux product (Objectively
Analysed air-sea Fluxes) provided by the Woods Hole Oceanographic Institution (Yu and
Weller 2007). Sea ice cover (SIC) and snow cover extent (SCE) datasets provided by NOAA
National Climatic Data Center (NCDC) were also considered. The SIC dataset comes from
the passive microwave monthly sea-ice concentration provided by the National Snow and Ice

Data Center. The SCE dataset is a record of weekly Northern Hemisphere snow cover extent
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provided by the Rutgers University Global Snow Laboratory. As for the KE index, the mean

seasonal cycle was removed from each variable.

3. Method for estimating the atmospheric response

To estimate the atmospheric response to the KE variability, we follow the lag
regression approach of Frankignoul et al. (1998). Its principle is that, given the limited
persistence of the atmosphere intrinsic variability compared to the oceanic one, ocean-to-
atmosphere impact can be estimated by the covariance between the ocean and the atmosphere,
with the ocean leading by more than the intrinsic atmospheric persistence but less than the
oceanic one, which is about 2-3 years for the KE index. However, this requires that there be
no other persistent signal in the atmosphere, which does not hold in the presence of trends and
atmospheric teleconnections with the tropics. Hence, before calculating the regressions, a
cubic polynomial estimated by least-squares fit was removed from each variable (linear
detrending yields very similar results). The ENSO signal was also removed, as described in
the appendix. The impact of this correction on the KE index is small, except during the strong
ENSO events in 1982-83, 1997-98, 2003 and 2010 (Fig. 1).

To distinguish the atmospheric response to the KE variability from that to the OE front,
we first used bivariate regression on the KE index and FSKA’s index of the meridional shifts
of the OE derived from the maximum meridional SST gradient, using the 1982-2012 period
when both indices are available. As the results were very similar to those given by univariate
regression, consistent with the poor correlation between the two indices (r ~ 0.2) (Fig. 1), only

univariate regressions onto the KE index are shown below.

a. The statistical model

Earlier numerical modeling studies suggest that the atmospheric response to



218

219

220

221

222

223

224

225

226

227

228

229

230

231

232

233

234

235

236

237

238

239

240

241

242

anomalous SST or other boundary forcing in the extratropics takes 1-2 months to reach its
maximum amplitude (Ferreira and Frankignoul, 2005; Deser et al. 2007). This delay reflects
the time for eddy-mean flow interactions to transform the initial baroclinic local response into
a large-scale equivalent barotropic one. However, recent high-resolution experiments suggest
that the maximum amplitude may be reached slightly faster (Smirnov et al., 2015), so that we
assume that the response time to the SST fingerprint of the KE is 1 month. As discussed in
Frankignoul et al. (2011a), the monthly atmospheric fields have some persistence and a lag of
1 month may mix atmospheric forcing and response. Considering the ocean leading by at least
2 months is therefore the safest way to single out the response (see also section 4a). Moreover,
the SST fingerprint of the KE becomes slightly stronger and more extended after a delay of 1
month (not shown), consistent with the prevalent role of SST advection in the KE region
(Vivier et al. 2002). Hence, we assume that the atmospheric response time to the KE is 2

months, so that an atmospheric variable X is decomposed into:

Xt)=aK({t—2)+ be(t—1)+ n(t) (1)

where K(?) is the KE index, e is the ENSO signal and n(z) is the atmospheric noise, considered
as white at low frequency. To take into account the time for ENSO teleconnections to reach
the North Pacific, we have assumed a one-month delay, which corresponds to the maximum
ENSO teleconnections, as estimated by the root mean square of the regression coefficients of
North Pacific SLP (north of 20°N) onto the ENSO signal. To estimate «, we remove the

ENSO signal, using the method of FSKA, which yields (Appendix 1)

X)) = aK({t—-2)+ n(t) (2)
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10

where X and K denote the ENSO filtered atmospheric variable and KE index. As the KE
index is standardized, the regression of X(t) onto K (t — 2) provides an estimate of the
typical amplitude of the response, corresponding to one standard deviation change in the KE
index. In the following, such regressions are referred to as the estimated response to the KE
variability (unless evidence is found that other concomitant boundary forcing may have
contributed to the atmospheric response). Note that there is some arbitrariness in our choice,
since the regressions when K leads by 3 or 4 months show similar patterns (see Fig. 3 below).
Estimating the response at lag 3 instead of lag 2 would slightly increase its amplitudes, as the

covariance between X and K would be divided by the lag-1 autocorrelation of K (t).

b. Statistical significance

Statistical significance was estimated in two ways, with comparable results. First we

used a standard Student t-test in which the effective number of degrees of freedom N, is

1—7"17"2

estimated as Ngsp = N in order to take into account the time series persistence, where

147475
N is the sample size (132 in most cases, when we use 4 months for 33 years), and r; and r,

are the lag-one autocorrelation of the KE index and the time series being regressed

(Bretherton et al. 1999). Note that the KE index is highly persistent (r;= 0.86 for the ASON
season), but atmospheric time series have only little autocorrelation. The second method is a
block bootstrap approach, randomly permuting the atmospheric time series 1000 times in
blocks of 3 years (e.g. von Storch and Zwiers 1999). The Student t-test gives a slightly larger
statistical significance. However, both approaches may well underestimate significance
(Decremer et al. Tellus 2014). Hence, the student t-test is used in all figures except for vectors,

whose significance was estimated by bootstrap scrambling.

10
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4. Cold season atmospheric response to KE fluctuations

Consistent with the seasonal changes in the atmospheric dynamics, the ocean-
atmosphere interactions exhibit strong seasonal variations (e.g., Czaja and Frankignoul 2002;
Taguchi et al. 2012). Indeed, regressions on the KE index based on all months of the year
largely differ from those only based on summer or winter months (not shown). Here, we focus
on the cold season, when air-sea interactions are strongest in western boundary current
regions because of large heat release to the atmosphere. A close examination of the cold
season suggests that there also exist substantial month-to-month variations in the atmospheric
response pattern. Figure 2 shows the regression of the geopotential height anomaly at 250hPa
(hereafter Z250) on the KE index 2 months earlier in sliding sets of 2 months, from
September-October (SO) to February-March (FM). A broadly coherent tripolar atmospheric
response pattern is found from October to January, while it is not yet established in
September-October, and becomes quite different in February-March. This is consistent with
observational and modeling studies (Peng and Whitaker 1999; Liu and Wu 2004; Liu et al.
2007; Gan and Wu 2012; Taguchi et al. 2012) that show that the North Pacific Ocean
feedback to the atmosphere is dominated by the early-winter response, and that the late winter
one differs significantly. Note that ON and DJ show slightly different patterns, especially over
the United States. The ON response is very similar to the one found by Okajima et al. (2014)
for October 2011, while it is slightly different in DJ. Nonetheless, the analyses presented in
this paper show broadly the same results if applied separately to the 2 periods (not shown).
Hence, in order to maximize the number of degrees of freedom without substantially
distorting the signal by seasonal changes, we focus on the atmospheric response estimated
from monthly anomalies in October, November, December, and January (ONDJ). Note that
we use monthly anomalies (four values per year at each grid point). However, using seasonal

means gives very similar results.
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a. Lead-lag analysis

One of the difficulties in estimating the midlatitude atmospheric response to oceanic
fluctuations is to distinguish it from the atmospheric forcing that generated the oceanic
variability. As discussed in Section 1, the low-frequency variability of the KE is largely
controlled by large-scale wind stress curl variations that lead to oceanic adjustment via
baroclinic Rossby wave propagation, which also initiates frontal-scale inertial fluctuations.
The observations and linear Rossby wave models suggest that the KE is primarily forced by
wind stress curl anomalies with a delay of 3-4 years (Ceballos et al. 2009; Qiu 2003). Hence,
the covariance between the KE and the atmosphere leading by ~3-4 years shows the
atmospheric forcing pattern. On the other hand, the covariance at lag > 2 months (positive lag
indicates that the KE leads) should reflect the atmospheric response to the KE if the ENSO
signal is removed, and « can be estimated from (2). If there was no direct local forcing and
the KE was only remotely forced, the covariance at lag < 1 would also reflect the atmospheric
response at short lag, as K (t) would be uncorrelated with prior values of n(t). Hence, the
lead-lag regression would be symmetric about lag 2, within sampling uncertainties. However,
this is not the case as the KE also responds rapidly to the atmosphere, either because of local
forcing or because of a fast barotropic adjustment, so that the covariance at lag < 1 month mix
atmospheric forcing and response.

The lead and lag relation between the KE index and SLP, Z250 and the Ekman
pumping in ONDJ is illustrated by the regressions in Fig. 3. The atmospheric forcing of the
KE is shown at lag -42, but a very similar pattern is found at lags -14 to -48, i.e. when the
atmosphere leads the KE by 1.5 - 4 years. The atmospheric pattern broadly resembles the
North Pacific Oscillation in its positive phase, with a negative Ekman pumping anomaly in

the subtropical gyre and a positive one in the subpolar gyre. The regressions at lag > 2 with

12
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the ENSO signal removed reflect the atmospheric response to the KE. Because of the high
autocorrelation of the KE index (33-month zero crossing), the regression patterns are very
similar for lags between 2 and 6 months. On the other hand, the regression patterns at lag < 1
are somewhat different, with a stronger SLP high in the Eastern Pacific. At lag <0, the ENSO
signal was not removed because it does not make sense to remove ENSO when looking at the
atmospheric forcing of the KE variability, since the KE responds as an integrator of the
forcing, which includes the ENSO teleconnections. However, the differences between lead
and lag are even larger when ENSO is removed (not shown), confirming that lag < 1 mix
atmospheric forcing and response.

The ONDJ atmospheric response is thus best detected when the KE leads by at least 2
months. The following analysis is mostly based on lag 2, shown again for clarity in Fig. 4.
The atmospheric response in ONDJ consists of a high over the central and Northwest Pacific,
typically reaching 0.6 hPa at sea level and 20 m at 250 hPa, and a low of similar amplitude
over Alaska and Canada. There is also a smaller high over western United States at 250 hPa.
The structure appears to be broadly barotropic with a westward tilt with height, characteristic
of baroclinicity. The associated zonal-mean zonal wind anomaly (not shown) has a deep
vertical structure up to 50 hPa that is statistically significant, with positive anomaly of 1 to 2
m/s at ~55°N and negative anomaly of 2 to 3 m/s at ~35°N, indicating a poleward shift of the
eddy driven jet. This suggests that the atmospheric response to the KE decadal fluctuations is
closely associated with changes in the transient eddy activity. The Ekman pumping anomaly
1s positive south of 35°N, and negative to the north of it, opposite to the atmospheric forcing
pattern (at lag=-42), albeit slightly shifted to the south. This suggests a negative feedback on
the KE changes, in agreement with Qiu et al. (2014, their Fig. 6), who found a broadly similar
but less noisy pattern by considering all the months of the year. The following analysis

attempts to explain the mechanisms by which the KE variability leads to such atmospheric
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response.

It should be noted that the atmospheric response seems to be primarily driven by the
decadal variability of the KE. Indeed, repeating the analysis, but regressing onto a high and a
low pass-filtered KE index with a cut-off at 6 years gave very similar results when using the
low-pass filtered KE index, but different and more noisy ones when using the high-pass

filtered one (not shown).

b. SST anomalies and heat flux feedback

The KE variability influences the atmosphere through SST changes that generate air-
sea heat flux anomalies (Fig. 5). For an atmospheric response time of 1 month, the SST in
SOND should be considered. It shows a broad warming of typically ~0.3 to 0.5 K in the KOE
region, which is in part driven by the intensified advection of warm water coming from the
subtropics, as discussed by Vivier et al. (2002), Kelly et al. (2010), and Qiu et al. (2014),
among others. The warming is much broader than that associated with the meridional shifts of
the KE front east of 155°E during winter (Seo et al. 2014), presumably because the index of
Qiu et al. (2014) represents more general KE changes, including the eddy activity that
strongly affects the SST and might spread the warming. The surface easterlies response to the
KE may also provide a positive feedback as anomalous Ekman transport brings warm water
into the KOE region. Although the SST pattern may be artificially broad due to the low
resolution of ERA-Interim, recent studies have shown that the KE generates a northeastward
quasi-stationary driven jet that separates from the KE around 155°E and transports subtropical
water to the subarctic region (Isoguchi et al. 2006; Sugimoto 2014; Wagawa et al. 2014). The
KE can therefore have an influence on the SST much further north than its mean path, and in
particular along the OE front, as seen in Fig. 5a, where the SST anomaly is maximum north of

the KE mean path, in the confluence region, just south of the OE front. This suggests that,

14
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even if the KE and OE indices are not strongly correlated (Fig. 1), there might be some
influence of the KE on the OE front that does not significantly impact its latitude.

There is no warming in the western end of the confluence zone where the SST is
strongly affected by warm eddies (Sugimoto and Hanawa 2011). These eddies are fewer when
the KE index is positive, especially west of 150°E, thus possibly opposing the intensified
advection. There are also small remote SST anomalies that co-vary with the KE. They may
reflect the SST response to atmospheric changes forced by the KE or SST variations forced
by the atmospheric fluctuations that affect the KE on short time scale, since they disappear for
lags larger than a few months (not shown). In particular, the cooling in the subpolar gyre
could be attributed to the intensification of the westerly winds coming from northeastern
Siberia due to the high pressure anomaly that precede the KE (Fig. 3), generating anomalous
southward Ekman transport. The meridional SST gradient anomaly is positive on the northern
flank of the OE east of 150°E, and negative to the south of it (Fig. 5b). Since the
climatological SST gradient is maximum along the OE, the OE front is more extended
eastward and slightly shifted north when the KE is in positive phase, as remarked above. Note
that the concomitant SST anomalies in the other ocean basins are small.

Frankignoul et al. (1998) have shown that the thermal forcing generated by SST
anomalies can only be determined when the heat flux lags SST by at least one month. It is
indeed after a lag of 2-3 months that the heat flux feedback is observed. The anomalous net
surface heat flux (latent + sensible + longwave + shortwave) at lag 2 is dominated by the
turbulent heat flux, and tends to be positive (heat loss from the ocean) in the KOE region,
suggesting a damping of SST anomalies, i.e. a negative feedback (Fig. 5¢). This does not hold
immediately off Japan where the SST anomalies are negligible, presumably because the
turbulent heat flux in the Kuroshio-Oyashio Confluence Region strongly responds to

anticyclonic (warm) eddies, which are less active when the KE index is positive (Sugimoto
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and Hanawa 2011). However, the heat flux pattern is noisy, and OAFlux may not fully
resolve the influence of the KE variability because its estimation relies on atmospheric
reanalysis data with relatively low horizontal resolution. Interestingly, the heat flux feedback
is clearer one month later, in NDJF, as shown in Fig. 5d where the heat flux lags the KE index
by 3 months. This does not reflect the larger time lag, but atmospheric seasonal differences as
the heat flux feedback is stronger during winter (Frankignoul and Kestenare 2005; Park et al.
2005). This could also be due to the interannual to decadal variability of the East Asian
monsoon and the associated air-sea heat exchange over the KOE region in early winter
(Nakamura and Yamagata 1999; Nakamura et al. 2002; Yoshiike and Kawamura 2009; Kwon
et al. 2010). Very similar results are found with the turbulent heat flux from ERA-Interim

instead of OAFlux, but it also suffers from limited resolution (section 2).

c. Changes in convection and synoptic activity

In order to explore the dynamical mechanisms involved in the ocean-to-atmosphere
interaction, we show the estimated response in ONDJ of several key atmospheric variables,
which are thus in phase with the atmospheric response in Fig. 4. The warming of the KOE
region generates a positive air temperature anomaly that extends throughout the troposphere
and tilts northward with height, with maximum amplitude of 0.6 K at the 400 hPa level (Fig.
6a). There is a significant anomalous upward motion in the longitude-band of 155°-175°E, on
the northern side of the KE, where the SST anomaly is maximum. Albeit not statistically
significant, there is downward motion north and south of it, like in the simulated response to
an OE shift in Smirnov et al. (2015). The upward motion is strongest at 850 hPa, near the top
of the marine atmospheric boundary layer, and it reaches 400 hPa, with a northward tilt with
height, as above the Gulf Stream (Minobe et al. 2010). The positive SST anomaly thus

contributes to the destabilization of the air column above it, and the convective available
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potential energy is indeed increased (not shown). Although very noisy, there is a positive
anomaly in convective precipitation over the KOE region, which leads to a small but
significant correlation of about 0.17 when lagging the KE index by 1 to 12 months if it is
averaged over the KOE warming (not shown). Although no net precipitation anomaly could
be found, possibly because ERA-Interim precipitation is questionable due to very few
observations and pronounced spin-up effects over oceans and midlatitude storm tracks (Dee et
al. 2011), we conclude that convection is enhanced. This suggests wind convergence at low
level, but no corresponding response in the surface wind stress was found.

The KE variability has a strong impact on the synoptic-scale activity, as shown by the

Eady growth rate anomaly at 850 hPa (Fig. 7a). The Eady growth rate is given by o =

If1 |52

0.31 ng, where f is the Coriolis parameter, V(z) the vertical profile of the horizontal

wind, and N the Brunt Viisél4 frequency. It measures the theoretical growth rate of the most
unstable synoptic mode, and it was verified that it is largely determined by the air temperature
gradient, because of the thermal wind balance. A strong negative anomaly appears on the
southern flank of the KE due to the weaker SST gradient (Fig. 5b), while the opposite occurs
over western Canada. Given the location of the climatological Eady growth rate maximum
(green curve), the anomaly pattern indicates a weakening along the KE and a slight
downstream northeastward extension of the zone of maximum baroclinicity. Downstream of
the Eady growth rate anomaly, the storm track is increased over the eastern North Pacific and
Alaska, as shown in Fig. 7b by the anomaly in the root-mean-square of 500 hPa geopotential
height. Chang (1993) has shown that the downstream development of unstable baroclinic
waves is the main mechanism by which the storm track is extended from highly unstable
regions (western North Pacific) into relatively stable regions downstream (eastern North
Pacific). Such downstream impact on storm track is also in agreement with Riviére (2009),

who showed that latitudinal variations of the Eady growth rate generate a positive eddy
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feedback that amplifies the variations downstream of the source region. They also showed
that a more poleward baroclinicity favors anticyclonic wave breaking (AWB) events. This
pushes the eddy driven jet poleward, favoring AWB in the region of maximum eddy activity
and leading to a more SW-NE orientation of the jet. This should lead to an anticyclonic
anomaly in the central basin and is in agreement with the northward shift of zonal wind
discussed above and with the SLP response in Fig. 4. Hence, by means of baroclinic waves
and eddy activity, the impact on the storm track of the KE warming is primarily downstream.
To document the KE influence on the meridional heat and moisture transfer by the
transient eddies, the transient eddy heat and moisture fluxes, <v’T’> and <v’q’>, respectively,
were considered, where the prime denotes high-pass daily values and <> monthly averages.
The anomalies driven by the KE fluctuations are given at the 850 hPa level in Fig. 7c,d, but
very similar results are found for the integrated transports between 950 hPa and 700 hPa. For
both fluxes, there is a positive anomaly in the eastern North Pacific, on the northeastern flank
of the climatological maximum, and a negative anomaly on the southern flank. This indicates
a weakening and a northeastward extension of the zone of maximum transient eddy fluxes,
consistent with the changes in Eady growth rate and storm track. This is slightly different
from the northward shift found by Qiu et al. (2014) using all the months of the year. In zonal
averages, the meridional eddy humidity transport is weakened during a positive KE phase, in
agreement with Kwon and Joyce (2013), although they found a very different spatial pattern
using the KE index based on the temperature at 200 m depth in JFM. On the other hand, the
zonally-averaged eddy heat transport is weakened at ~35°N but enhanced at ~60°N because

of the large positive anomaly over Alaska.

d. An influence up to the stratosphere

The SST-driven changes in atmospheric stability and transient eddy activity are likely
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the main mechanisms by which the KE has an influence in the upper atmosphere. The vertical
profile of the geopotential height anomaly shows a maximum at the 250 hPa level, above the
maximum temperature anomaly (the maximum geopotential height and temperature
anomalies occur where the corresponding mean vertical gradient is maximum), and a strong
anomaly in the stratosphere (Fig. 6). The hemispheric Z250 teleconnection pattern (Fig. 8a)
reveals a low over the Chukchi Sea and a high over United States.

In order to understand how the signal propagates into the whole hemisphere, we show
the anomalous Wave Activity Flux (WAF) at 250 hPa (the same is found at 500 hPa) derived
from the monthly geopotential height and temperature anomalies, following the formulation
of Takaya and Nakamura (2001), which is a generalization of Plumb’s (1985) flux applicable
to a zonally-varying basic flow. The WAF is a diagnostic tool for illustrating the propagation
of quasi-geostrophic stationary Rossby waves. Its divergence (convergence) gives the source
(sink) of wave activity, and it is, in principle, independent of wave phase and parallel to their
local three-dimensional group velocity. It is therefore suited for a snapshot diagnostic of wave
packets of stationary eddies, but it is not a momentum flux, unlike the Eliassen-Palm flux. Fig.
8a shows that the KOE region is a source of wave activity propagating primarily poleward
toward the low over the Chukchi Sea. There is also some hint of a wavy propagation toward
the high anomaly over western United States. This wavy propagation from the KOE region to
United States going through the Artic is even clearer in the lower stratosphere, at 100 hPa
level (Fig. 8b). Hence, this analysis suggests that stationary Rossby waves play an important
role in extending the atmospheric response poleward and eastward.

Interestingly, one month later, in NDJF, the low-pressure lobe is elongated over
Greenland and the North Atlantic, reflecting a strengthened polar vortex, the high-pressure
lobe over western United States has spread eastward, and a significant anomalous high is

found over northwestern Europe (Fig. 8c,d). The pattern has some similarity with the Arctic
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Oscillation, albeit slightly shifted poleward, displacing the eddy-driven jet northward. The
wave activity flux may explain the spreading over the Arctic and United States, but it shows
no significant link to western Europe. As there is little change in the SST anomalies in NDJF
and no significant SST anomalies are observed in the North Atlantic (not shown), the
spreading toward Europe cannot be attributed to downstream or remote changes in SST.
Therefore, the anomalous high over Europe might come from a downward propagation of the
stratospheric vortex changes into the troposphere, thus influencing the North Atlantic
Oscillation (Baldwin and Dunkerton 1999; Polvani and Waugh 2004). Alternatively, the high
over northwestern Europe could be due to the KE-driven changes in the storm track. Indeed,
the North Atlantic storm track activity depends in large part on the Pacific storm track
behavior via the link between synoptic wave breaking events in the eastern Pacific and the
Atlantic (Chang 2004; Drouard at al. 2013). Disturbances in the Pacific could therefore
induce changes in the Atlantic. In fact, the storm track in NDJF is strengthened over
northwestern Canada and Iceland (not shown), which could trigger the anomalous high over
Europe through eddy-mean flow interactions. However, the E-vector divergence anomaly
(Hoskins et al. 1983) was too noisy to confirm this hypothesis. Another possible explanation
could be that the Pacific-induced anomaly is trapped and redistributed by the time-mean
tropospheric jets, which act as waveguides (Branstator 2002).

Although stationary Rossby waves play an important role in spreading the signal
horizontally, the strengthening of the polar vortex implies that the upward injection of
planetary-wave activity from the troposphere to the stratosphere is reduced (Baldwin et al.
1999; Polvani and Waugh 2004). To confirm this hypothesis, we consider the zonally
averaged meridional eddy heat flux [v*T*] at 100 hPa, where the asterisks denote departures
from the zonal mean, which is a diagnostic of the troposphere-to-stratosphere wave activity

propagation (Polvani and Waugh 2004), and is directly proportional to the vertical component
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of the conventional Eliassen-Palm flux (Andrews et al. 1987; Nishii et al. 2010). As shown in
Fig. 9b, the positive phase of the KE is followed by a reduced wave activity entering the
stratosphere, and the spatial distribution of v*T* (Fig. 9a) indicates that the reduced wave
activity primarily takes place north of the KOE. The same result is obtained when using the
vertical WAF from Takaya and Nakamura, but with less statistical significance (not shown).
In summary, anomalous wave activity flux propagates horizontally from the KOE region and
contributes to spreading the signal poleward and eastward (Fig. 8a,b), but less wave activity

flux penetrates into the stratosphere, strengthening the polar vortex one month later (Fig. 8d).

e. Impact on near-surface climate

The atmospheric response to KE fluctuations has significant impacts on near-surface
climate. As expected from the SST signature of the KE variability, the air temperature in the
KOE region is warmer (Fig. 10a). There is also a significant warming over western and
central North America, northeastern Asia, and northern Africa. This warming is likely the
cause of the concomitant reduced snow cover extent seen in Fig. 10b, since it only appears
when the KE index leads by at least 2 months. Consistent with the anomalous low, the
temperature over the Arctic Ocean is colder. However, although significant, the temperature
perturbations are small, and the potential predictability over these regions based on the KE
index is overall limited. This was investigated conducting a one year out-cross validation. For
each year and grid point, we perform the lag regression of the air temperature on the KE index
while removing this year, and we use the regression to predict the removed year. The
predicted air temperature time series is then correlated to the observed one. This analysis
suggests statistically significant, albeit limited, potential predictability over the KOE region
and the northern central and western United States, where the cross-validated correlation only

reaches 0.2 (0.3 for seasonal means). Later in winter, the weak warming over Iceland is
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reinforced and has propagated toward northern Europe (not shown). Cross-validation suggests
that at 3 and 4 months lead there is a weak potential predictability over the United States and

northwestern Europe.

5. Asymmetry

To investigate whether the stable and the unstable states of the KE influence the
atmosphere in a symmetric way, composites were constructed for the response to large
positive and negative KE events, namely when the absolute value of the KE index for
individual months of the ASON season is higher than one standard deviation. As indicated by
the red and blue dots in Fig. 1, the sample is limited, as 27 months qualify as positive events
and 24 months as negative events. Therefore, the results should be considered with caution,
although asymmetric regression analysis gives basically the same results (not shown). Also,
the same analysis was conducted for seasonal means, and the results are identical.

A significant asymmetry is found in the large-scale atmospheric response, but much
less in the local features. The SST anomaly in the KOE region is roughly symmetric in pattern
and amplitude, although the negative anomaly is more longitudinally extended (Fig. 11a,b).
There are also clear effects of the oceanic eddy activity. During the positive state, eddy
activity is much weaker, in particular west of 150°E. The warming is therefore only observed
east of 150°E, whereas the cooling during the negative phase is found much closer to the
Japanese coast. Also, the anomalies on either sides of the KOE region are asymmetric. A
negative SST anomaly is found in the subtropical gyre when the KE is in a stable state, while
a positive SST anomaly in the subpolar gyre is found in the unstable state. Hence, as shown
by the meridional SST gradient in Fig. 12, a positive event is associated with a stronger and
northward-shifted SST front near the OE, while negative events are linked to a weaker and

southward-shifted SST front. The heat flux anomaly is broadly symmetric, more clearly so in
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NDIJF, primarily reflecting the heat flux feedback (not shown). Stronger differences are seen
in the Eady growth rate anomaly, as there is a strong weakening of the baroclinicity along the
KE during the positive phase, so that the region of maximum baroclinicity is weakened, while
it is only slightly shifted south during the negative phase (Fig. 11c,d). Since the baroclinicity
is largely determined by the temperature gradient, this is consistent with the strong
asymmetry in the air temperature anomaly discussed below. The storm track is enhanced in
the northeastern Pacific during a positive phase, while there is no clear signal during a
negative phase, but only small patches of positive anomaly all around the climatological
maximum (Fig. 11e,f). This suggests that the storm track is less anchored in this case, which
might result from the weaker SST front along the OE (Fig. 12), consistent with the anchoring
mechanism of Nakamura et al. (2004).

The large-scale atmospheric response reveals an even stronger asymmetry. During the
stable KE state, the SLP and Z250 anomalies reflect the regression analysis above, except that
the North Pacific high is broader and more extended eastward than in Fig. 4 (Fig. 13a,b). The
WATF indicates propagation in both the north and the south direction, which may explain the
weak low-pressure anomaly in the subtropics. However, the propagation does not reach the
tropics as far as in Miyasaka et al. (2014), since it does not spread further south than 16°N.
During the unstable KE state, on the other hand, the atmospheric response is small and noisy.
It is reduced to a more localized high over the KOE region and a downstream low which are 3
times weaker than the anomalous high during the stable state, and also tilt westward with
height (Fig. 13c,d). The WAF indicates that this region is a source of eastward stationary
Rossby wave propagation, but not of poleward one, so it is not clear that the positive anomaly
over Canada and western United States is linked to the KE.

The asymmetry can be attributed to the fact that, although the SST anomalies are

similar in amplitude, a positive SST anomaly has a stronger impact on the air column above it
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than a negative SST anomaly. As discussed in Deser et al. (2004), such asymmetry is due, in
small part, to the non-linear dependence of evaporation upon SST according to the Clausius-
Clapeyron relation, and in larger part by the differences in the deep convective component of
the anomalous heating. Indeed, cooling from below is an inherently stabilizing process while
heating from below is a destabilizing one, conducive to convective overturning and deeper
vertical penetration. Similarly, Sheldon and Czaja (2014) have shown that during winter,
convective instabilities are very frequent over the KOE region, and a lower SST would lead to
fewer occurrences, while a warmer SST would increase it. As shown in Fig. 14, although the
temperature anomaly within the boundary layer has similar amplitude for positive and
negative phases of the KE, the positive anomaly amplifies with height, while the negative one
does not, so the temperature anomaly in the mid-troposphere is considerably stronger in the
positive case, consistent with the geopotential anomaly. As a stronger temperature anomaly
has a stronger impact on baroclinicity, the changes in baroclinicity and storm track are small
in the negative case compared to the positive one (Fig. 11c-f). Since baroclinicity and storm
track anomalies are likely the mechanisms by which a local response leads to a large-scale
atmospheric signal, the atmospheric response in the unstable state remains localized, and

teleconnections are almost non-existent.

6. Summary and conclusions

Using the KE index of Qiu et al. (2014), we have shown by regression and composite
analyses that the decadal variability of the KE has a significant influence on the large-scale
atmospheric circulation in the northern hemisphere during the cold season. A close
examination of the month-to-month variability in the atmospheric response pattern led to the

focus on the months between October and January (ONDJ), when the atmospheric response is
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broadly coherent. This is consistent with the observational and modeling studies (Peng and
Whitaker 1999; Liu et al. 2007; Gan and Wu 2012; Taguchi et al. 2012) that showed that the
North Pacific SST feedback to the atmosphere is dominated by the early-winter atmospheric
response, and that the response differs in late winter.

When the KE is in stable state (positive KE index), during which the KE jet is
strengthened, shifted northward, and the regional eddy kinetic energy is lower, enhanced
advection by the mean flow generates a broad positive SST anomaly of typically ~0.4 to 0.6
K in the KOE region, leading to a stronger and more eastward extended OE front, possibly
via the eddy driven jet described in Wagawa et al. (2014), although it does not substantially
impact the OE latitude. This warming enhances the heat release to the atmosphere (negative
heat flux feedback), in agreement with Qiu et al. (2014) and Joyce et al. (2009). The heat flux
anomaly leads to a significant upward motion above the SST anomaly maximum and an
increase in the convective available potential energy and convective precipitation above the
warm SST. However, no corresponding anomaly in the surface wind convergence or the net
precipitation was found. Baroclinicity is weakened along the KE, and there is a northeastward
downstream extension of the eddy heat and humidity fluxes and the storm track. This is
consistent with Riviére (2009) who showed that latitudinal variations in the Eady growth rate
generates positive eddy feedback that amplifies the variation downstream of the source region.
The impact on eddy activity and storm track is probably the mechanism that generates
stationary Rossby waves that propagate from the KOE region toward the Arctic and western
United States. The hemispheric response thus consists of a high in the central and western
North Pacific, and a low over Alaska and the Chukchi Sea, and a weaker high over western
United States. There is a westward tilt with height, characteristic of baroclinicity. The
amplitude of the signal is limited, however, typically reaching 0.6 hPa at sea level and 20 m at

250 hPa. This is broadly comparable to the amplitude of the response to a shift of the Oyashio
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Extension found by FSKA and in the modeling study of Smirnov et al. (2015), where the
response difference between the warm and cold high-resolution experiments is about 3 hPa at
sea level and 50 m at 300 hPa for a SST difference along the Oyashio Extension of 2 to 3 K.

The disturbance in the upper troposphere leads to reduced injection of wave activity in
the stratosphere, strengthening the polar vortex one month later, in NDJF, when the
atmospheric response is extended towards Europe and has some similarity with a positive
phase of the Arctic Oscillation. The wave activity explains the signal over the Arctic and
United States, but the signal over Europe is more likely due to downward propagation of the
stratospheric polar vortex changes into the troposphere (Baldwin and Dunkerton 1999;
Polvani and Waugh 2004) or to changes in the storm track and eddy-mean flow interactions
(Chang 2004; Drouard et al 2013). These teleconnections have a small but significant climatic
impact, albeit with very limited potential predictability, with cooling in the Arctic and heating
over Asia and United States, where the snow cover extent is reduced.

Composite analysis suggests a significant asymmetry in the large-scale atmospheric
response. While a strong impact on the large-scale atmospheric circulation is found during the
KOE warming (positive phase), there is little large-scale response during the negative phase.
This asymmetry may result from the difference between positive and negative SST impact on
the overlying atmosphere, as a positive temperature anomaly leads to more convective
instabilities and deeper vertical penetration in the atmosphere (Deser et al., 2004; Sheldon and
Czaja, 2014). Indeed, the air temperature anomaly has a deep vertical structure and amplifies
with height in the positive case, but not in the negative case. The positive KE phase has
therefore a strong impact on baroclinicity and transient eddies, which produce a large-scale
atmospheric response, while the negative phase only has a local impact.

While our results are in agreement with the study of Qiu et al. (2014), who used the

same KE index but did not distinguish between seasons nor explore the tropospheric response,
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they differ from other studies based on estimated meridional shifts of the KE. This is perhaps
because Qiu et al.’s (2014) index does not simply reflect a latitudinal shift of the KE front, but
a much broader dynamical state oscillation, which leads to a different SST signature and thus
a different impact on the atmosphere. It might also be because different periods were
considered. FSKA found an equivalent barotropic high centered in the northwestern North
Pacific and a much weaker low over the KOE region in response to a northward shift of the
KE during 1980-2006, using a KE index with very limited spatial and temporal resolution, so
that no distinction was made between seasons. In addition, it was based on temperature
profiles that may be too shallow to accurately define the KE path. O’Reilly and Czaja (2014)
found that, during the 1992-2010 period, the transient eddy heat transport in winter and spring
has a dipolar structure with an increase in the west North Pacific and a decrease in the east
when the KE is shifted north and the SST front is stronger, unlike in the present analysis.
They used (unlagged) composites based on an index derived from a maximum covariance
analysis between SST and SSH gradients during 2002-2010. In this period, their index is very
similar to Qiu et al.’s (2014) index, and we verified that the two indices lead to similar
regression patterns in SLP, geopotential, Eady growth rate and eddy heat transport, albeit
different from those discussed here, presumably because the sample is too short to emphasize
the decadal KE changes that dominate the response in the present paper. However, the KE
indices differ considerably during 1992-2001 when O’Reilly and Czaja’s index was extended
by SSH projection, with much larger decadal changes in Qiu et al.’s (2014) index. Whether
the differences in the two analyses are primarily due the differences in the KE indices or their
dominant time scale, or non-stationarity in the atmosphere, remains to be established.

On the other hand, our results are broadly comparable with the observational and
modeling studies of Liu et al. (2007) and Gan and Wu (2012) who considered the averaged

SST anomaly over the KOE region. In early winter (NDJ), they found a warm SST-equivalent
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barotropic high response over the central North Pacific, and a low over Alaska and western
United States. Similarly, our results do not substantially differ from those obtained with the
method used by Taguchi et al. (2012) - a regression onto the SST in a box of 5° latitude
centered on the OE - when it is applied to the 1979-2012 period considered here (not shown).
However, Taguchi et al. found that in the 1956-2006 period the atmospheric response to their
OE SST index in early winter consisted of a weakening of the Aleutian low, which differs
from the central and Northwest Pacific high found in this paper. This again suggests that there
may be changes in the atmospheric response over time, presumably linked to changes in the
large-scale atmospheric circulation and the transient eddy feedback, which play a critical role
in the atmospheric response (Peng and Whitaker 1999). Also, the relation between the KE and

OE influence on the atmosphere needs to be investigated further.

Appendix 1. Removing ENSO teleconnections

Some care is required to estimate the atmospheric response to extratropical boundary
forcing in the presence of ENSO teleconnections. To remove the ENSO signal from

atmospheric variable X(t), we define
X(@®) = X(t) — de(t—1) (A1)

CXe(l)

where A = C..00)

is the regression of X(t) on e(t-1) and Cyy(z) denotes the covariance

between x and y at lag 7. Replacing in (1) yields

£) = aK(t—2)+(bh— CCL((;))) e(t — 1) + n(t) (A2)

Estimating « by regression of X(t) on K(t — 2), as often done, does not entirely remove the

ENSO effects. To get an unbiased estimate, we define a modified KE index
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K@) = K(t) — Be(t+1) (A3)
where B = C;{{e—((_ol)) is the regression of K(t) on e(t+1). Replacing in (A2) yields
ee

% _ 74 Cre(-1)  Cxe()
Xt)= aK(it—-2)+(b+a O cee(O)) e(t—1) +n(t) (A4)

Since n and e are uncorrelated, one has from (1)

Cxe(1) = a Cg, (‘ 1) + b Cee(0) (A5)
so that (A4) reduces to Eq. (2).

The reasoning is easily generalized to several ENSO indices. Here the ENSO signal is
defined by the first two principal components (R-PCs), after rotation of the EOFs, of monthly
SST anomalies in the tropical Pacific between 12.5°N and 12.5°S. To take into account the
asymmetry and the seasonality of the ENSO teleconnections, the regression is done separately
for positive and negative values of the R-PCs, and the regression coefficients are seasonally
varying, with the multivariate regression for a particular calendar month also using the
preceding and the following month. The ENSO removal for a particular month, say February,
is thus based on regressions from January through March (JFM) on the two ENSO R-PCs one

month earlier (in DJF) estimated separately for positive and negative values of the R-PCs:

X(feb) = X'(feb) - Y2, af JFM) = PC(jan) — Y2, a; (JFM) = PC; (jan)  (A6)

with

> X¥ (JFM) = PC'(DJF)
Y. PC'(DJF) = PCE' (DJF)

af(JFM) =

where the + ( —) index indicates positive (negative) values of the R-PCs, and the prime

departure from the mean. Only very small SST anomalies were associated to the KE
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fluctuations in the other tropical oceans, and the results are similar when calculating the EOFs

in the Indo-Pacific tropical region.
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Figure Captions

Fig. 1. Monthly KE index time series before (cyan) and after (blue) cubic trend removal, and
after ENSO filtering (orange) (see text) and OE index (thin grey) defined by the leading

principal component of the latitude of the maximum meridional SST gradient between 145°
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and 170°E (Frankignoul et al. 2011). Dots denote positive (red) and negative (blue) extreme

events during the ASON season, as used in  the composite analysis.

Fig. 2. Lagged regression of the Z250 anomaly onto the KE index 2 months earlier (in m) for
seasons of 2 months during the cold season, from September-October (SO) to February-
March (FM). Thick black lines denote the mean KE and OE paths defined by the mean
latitude of the maximum meridional SSH and SST gradient respectively (KE mean path from
Kelly et al. 2010), and thick (thin) black contours indicate 10% (5%) significance. Contour

interval is 5 m.

Fig. 3. Lagged regressions of (left) sea level pressure (SLP), (middle) Z250, and (right)
Ekman pumping (EKMP) anomaly fixed in ONDJ onto the KE index for lags given on the

left (in month). Positive (negative) lags mean the KE leads (lags) the atmosphere. Contour

intervals are (left) 20 Pa, (middle) 5 m and (right) 1x10 7 107" m/s and red (blue) color
shading is for positive (negative) anomaly. Thin (thick) black contours indicate 10% (5%)

significance.

Fig. 4. Estimated response of (a) the SLP (in Pa) and (b) the Z250 (in m) in ONDJ to the KE
index 2 months earlier. Contour intervals are (a) 20 Pa and (b) 5 m. Thick black lines denote

the mean KE and OE paths, and thin (thick) black contours indicate 10% (5%) significance.

Fig. 5. (a) Estimated response of the SST anomaly in SOND onto the KE index 1 month

earlier (in K). (b) Same, but for the meridional SST gradient (in 1073 K/km). (c) Same, but

for the net heat flux anomaly onto the KE index 2 months earlier (positive upward, in
W/m2). (d) Same as (c) but for NDJF (estimated response after 3 months). Contour intervals

are (a) 0.1 K, (b) 1)(10_3 K/km, (c) and (d) 3 W/mz. Thick black lines denote the mean KE

and OE paths, and thin (thick) black contours indicate 10% (5%) significance.
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Fig. 6. Upper panel: Estimated response averaged over 155° - 175°E of the meridional and

vertical wind velocity anomaly (vectors, scaling arrow in the upper-left corner: 50 m/s, for the

meridional component and 5.10 3 pas for the vertical component), of the air temperature
(shading, in K, with contour interval of 0.1 K) and of the geopotentiel height (thick black
contours) in ONDJ onto the KE index 2 months earlier. Thin (dashed) black contour indicates
5% temperature (geopotential) significance, and black vectors indicate 10% significance.

Bottom panel: SST anomaly profile shown in Figure 5a averaged over the same longitude

band.

Fig. 7. Estimated response of (a) the Eady growth rate anomaly at 850 hPa (in 10 2 day 1 ),
(b) the storm track anomaly at 500 hPa (in m), (c) the meridional transient eddy heat flux

anomaly at 850 hPa (in K m/s) and (d) the meridional transient eddy moisture flux anomaly at
850 hPa (in 1074 m/s), in ONDJ onto the KE index 2 months earlier. Contour intervals are (a)
2x10™ 2 day 1, (b) 0.5 m, (¢) 0.2 Km/s and (d) 1.5x10 4 m/s. Green contours denote the
ONDJ climatology, with contours at (a) 50, 70 and 85x10 2 day_l, (b) 40, 50 and 60 m, (c) 6,

8, 10 and 12 Km/s, and (d) 30, 40 and 50X10_4 m/s. Thick black lines denote the mean KE

and OE paths, and thin (thick) black contours indicate 10% (5%) significance.

Fig. 8. Estimated response of the geopotential height anomaly at (a,c) 250 hPa and (b,d) 100
hPa (shading, in m, with contour interval of 5 m) in (a,b) ONDJ onto the KE index 2
months earlier, (c,d) NDJF onto the KE index 3 months earlier, and corresponding wave
activity flux (green vectors, scaling given on the left for the 250hPa level and on the right for
the 100hPa level, in m?/s?). Thick black lines denote the mean KE and OE paths, and thin

(thick) black contours indicate 10% (5%) significance. For clarity, only 10% significant wave

activity flux vectors are plotted, and only every third vectors are plotted equatorward of 60°N
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and every fifth ones poleward of 60°N.

Fig. 9. (a) Estimated response of the meridional eddy heat flux v*T* at 100 hPa (in Km/s) in
ONDJ onto the KE index 2 months earlier, with contour intervals of 3 Km/s. Thick black
lines denote the mean KE and OE paths, and thin (thick) black contours indicate 10% (5%)
significance. (b) Climatology and climatology + regression of the zonal-mean eddy heat flux
[v*T*] at 100 hPa (in Km/s) in ONDJ onto the KE index 2 months earlier. The dots denote

5% significance.

Fig. 10. Estimated response of (a) the temperature anomaly at 900 hPa (in K) and (b) the
snow cover extent (in %) in ONDJ onto the KE index 2 months earlier. Contour intervals are
(a) 0.1 K and (b) 2%. Thick black lines in (a) denote the mean KE and OE paths. Thin (thick)

black contours indicate 10% (5%) significance.

Fig. 11. Positive (a) and negative (b) composite of the SST anomaly (in K) in SOND for

extreme KE events in ASON. (c,d) Same, but for the Eady growth rate at 850 hPa in ONDJ

(in 102 day 1). (e,f) Same, but for the storm track anomaly at 500 hPa in ONDJ (in m).

1

Contour intervals are (a,b) 0.2 K, (¢,d) 2x10 “ day * and (e,f) 1 m. Green contours denote

the ONDJ climatology, with contours at (c,d) 50, 70 and 85x10~ 2 day 1, and (e,f) 40, 50
and 60 m. Thick black lines denote the mean KE and OE paths, and thin (thick) black

contours indicate 10% (5%) significance.

Fig. 12. Climatology of the meridional SST gradient (in 103 °C/km) in SOND zonally
averaged over 155°E — 175°E (black curve), climatology + positive composite (red curve),

and climatology + negative composite (blue curve).

Fig. 13. (a) Composite of the SLP anomaly in ONDJ for positive extreme KE events in
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ASON (in Pa). (b) Same as (a) but for Z250 (shading, in m) and the wave activity flux (green
vectors, scaling arrow is given on the lower-right corner, in m?/s?). (c,d) Same as (a,b) but for
negative events. Contour intervals are (a,c) 40 Pa and (b,d) 10 m. Thick black lines denote the
mean KE and OE paths, and thin (thick) black contours indicate 10% (5%) significance. For

clarity, only 10% significant wave activity flux vectors are plotted, and only every third

vectors are plotted equatorward of 60°N and every fifth ones poleward of 60°N.

Fig. 14. Positive (left panel) and negative (right panel) composite averaged over 140°E -

160°W of the air temperature anomaly (shading, in K, contour interval 0.2 K) and the
geopotential height (contours, in m) in ONDJ for extreme KE events in ASON, and SST
anomaly profile of the corresponding composite averaged over the same longitude band

(lower panels).
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Fig. 1. Monthly KE index time series before (cyan) and after (blue) cubic trend removal, and
after ENSO filtering (orange) (see text) and OE index (thin grey) defined by the leading
principal component of the latitude of the maximum meridional SST gradient between 145°
and 170°E (Frankignoul et al. 2011). Dots denote positive (red) and negative (blue) extreme

events during the ASON season, as used in the composite analysis.

44



45

Fig. 2. Lagged regression of the Z250 anomaly onto the KE index 2 months earlier (in m) for
seasons of 2 months during the cold season, from September-October (SO) to February-
March (FM). Thick black lines denote the mean KE and OE paths defined by the mean
latitude of the maximum meridional SSH and SST gradient respectively (KE mean path from
Kelly et al. 2010), and thick (thin) black contours indicate 10% (5%) significance. Contour

interval is 5 m.
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Fig. 3. Lagged regressions of (left) sea level pressure (SLP), (middle) Z250, and (right)
Ekman pumping (EKMP) anomaly fixed in ONDJ onto the KE index for lags given on the

left (in month). Positive (negative) lags mean the KE leads (lags) the atmosphere. Contour

intervals are (left) 20 Pa, (middle) 5 m and (right) 1x10 7 m/s and red (blue) color shading is

for positive (negative) anomaly. Thin (thick) black contours indicate 10% (5%) significance.
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SLP ONDJ Z250 ONDJ

Fig. 4. Estimated response of (a) the SLP (in Pa) and (b) the Z250 (in m) in ONDJ to the KE
index 2 months earlier. Contour intervals are (a) 20 Pa and (b) 5 m. Thick black lines denote

the mean KE and OE paths, and thin (thick) black contours indicate 10% (5%) significance.
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SST SOND - JySST SOND

Fig. 5. (a) Estimated response of the SST anomaly in SOND onto the KE index 1 month

earlier (in K). (b) Same, but for the meridional SST gradient (in 1073 K/km). (c) Same, but

for the net heat flux anomaly onto the KE index 2 months earlier (positive upward, in
W/mz). (d) Same as (c) but for NDJF (estimated response after 3 months). Contour intervals

are (a) 0.1 K, (b) 1x1073 K/km, (c) and (d) 3 W/m2. Thick black lines denote the mean KE

and OE paths, and thin (thick) black contours indicate 10% (5%) significance.
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Fig. 6. Upper panel: Estimated response averaged over 155° - 175°E of the meridional and

vertical wind velocity anomaly (vectors, scaling arrow in the upper-left corner: 50 m/s, for the

meridional component and 5.10 3 pas for the vertical component), of the air temperature
(shading, in K, with contour interval of 0.1 K) and of the geopotentiel height (thick black
contours) in ONDJ onto the KE index 2 months earlier. Thin (dashed) black contour indicates
5% temperature (geopotential) significance, and black vectors indicate 10% significance.
Bottom panel: SST anomaly profile shown in Figure 5a averaged over the same longitude

band.
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Eady growth rate at 850hPa ONDJ Storm track at 500hPa ONDJ
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Fig. 7. Estimated response of (a) the Eady growth rate anomaly at 850 hPa (in 10 2 day ! ),
(b) the storm track anomaly at 500 hPa (in m), (c) the meridional transient eddy heat flux

anomaly at 850 hPa (in K m/s) and (d) the meridional transient eddy moisture flux anomaly at
850 hPa (in 1074 m/s), in ONDJ onto the KE index 2 months earlier. Contour intervals are (a)
2x10~ 2 day 1, (b) 0.5 m, (¢) 0.2 Km/s and (d) 1.5x10 4 m/s. Green contours denote the
ONDIJ climatology, with contours at (a) 50, 70 and 85x10 2 day_l, (b) 40, 50 and 60 m, (c) 6,

8, 10 and 12 Km/s, and (d) 30, 40 and 50x10_4 m/s. Thick black lines denote the mean KE

and OE paths, and thin (thick) black contours indicate 10% (5%) significance.
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WAF and Z250 ONDJ WAF and Z100 ONDJ

Fig. 8. Estimated response of the geopotential height anomaly at (a,c) 250 hPa and (b,d) 100
hPa (shading, in m, with contour interval of 5 m) in (a,b) ONDJ onto the KE index 2
months earlier, (c,d) NDJF onto the KE index 3 months earlier, and corresponding wave
activity flux (green vectors, scaling given on the left for the 250hPa level and on the right for
the 100hPa level, in m?/s?). Thick black lines denote the mean KE and OE paths, and thin

(thick) black contours indicate 10% (5%) significance. For clarity, only 10% significant wave
activity flux vectors are plotted, and only every third vectors are plotted equatorward of 60°N

and every fifth ones poleward of 60°N.

51



52

v*T* at 100hPa ONDJ

(b) [v*T*] at 100hPa ONDJ
141 ; .

T
= Climatology
~— Climatology + regression

12

101

90°W

N B [=2) @
T T T

o

3
N

40°N 50°N 60°N 70°N 80°N

Fig. 9. (a) Estimated response of the meridional eddy heat flux v*T* at 100 hPa (in Km/s) in
ONDJ onto the KE index 2 months earlier, with contour intervals of 3 Km/s. Thick black
lines denote the mean KE and OE paths, and thin (thick) black contours indicate 10% (5%)
significance. (b) Climatology and climatology + regression of the zonal-mean eddy heat flux
[v*¥*T*] at 100 hPa (in Km/s) in ONDJ onto the KE index 2 months earlier. The dots denote

5% significance.
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Fig. 10. Estimated response of (a) the temperature anomaly at 900 hPa (in K) and (b) the
snow cover extent (in %) in ONDJ onto the KE index 2 months earlier. Contour intervals are
(a) 0.1 K and (b) 2%. Thick black lines in (a) denote the mean KE and OE paths. Thin (thick)

black contours indicate 10% (5%) significance.
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SST positive composite SST negative composite

Fig. 11. Positive (a) and negative (b) composite of the SST anomaly (in K) in SOND for

extreme KE events in ASON. (c,d) Same, but for the Eady growth rate at 850 hPa in ONDJ
(in 10_2 day 1). (e,f) Same, but for the storm track anomaly at 500 hPa in ONDJ (in m).
Contour intervals are (a,b) 0.2 K, (c,d) 2x102 day_1 and (e,f) 1 m. Green contours denote

the ONDJ climatology, with contours at (c,d) 50, 70 and 85x10~ 2 day 1 , and (e,f) 40, 50
and 60 m. Thick black lines denote the mean KE and OE paths, and thin (thick) black

contours indicate 10% (5%) significance.
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Zonally averaged (155°E - 175°E) Meridional SST gradient SOND
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Fig. 12. Climatology of the meridional SST gradient (in 103 °C/km) in SOND zonally
averaged over 155°E — 175°E (black curve), climatology + positive composite (red curve),

and climatology + negative composite (blue curve).
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SLP positive composite WAF and 2250 positive composite
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Fig. 13. (a) Composite of the SLP anomaly in ONDJ for positive extreme KE events in
ASON (in Pa). (b) Same as (a) but for Z250 (shading, in m) and the wave activity flux (green
vectors, scaling arrow is given on the lower-right corner, in m?/s?). (c,d) Same as (a,b) but for
negative events. Contour intervals are (a,c) 40 Pa and (b,d) 10 m. Thick black lines denote the
mean KE and OE paths, and thin (thick) black contours indicate 10% (5%) significance. For

clarity, only 10% significant wave activity flux vectors are plotted, and only every third

vectors are plotted equatorward of 60°N and every fifth ones poleward of 60°N.
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T and Z averaged over 140°E - 160°W
positive composite

T and Z averaged over 140°E - 160°W
negative composite
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Fig. 14. Positive (left panel) and negative (right panel) composite averaged over 140°E -

160°W of the air temperature anomaly (shading, in K, contour interval 0.2 K) and the
geopotential height (contours, in m) in ONDJ for extreme KE events in ASON, and SST
anomaly profile of the corresponding composite averaged over the same longitude band

(lower panels).
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